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Lecture 1.
Elementary Aspects of Atmospheric Convection and 

Overview of Convective Parameterization 

1. Buoyancy and vertical motion

Convection: A thermally direct circulation driven by buoyancy, with strong vertical motion.

	 	



The buoyancy of an object relative to its environment is measured by 
the density differences:
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Buoyancy as a force acts on the vertical motion of the object. How 
to relate them? The equation of vertical motion is:
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The vertical velocity equation can be rewritten as:

The last term is the buoyancy terms. Making use of the 
equation of state 
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P and ρ can be decomposed into horizontally homogeneous 
mean and perturbation:



The pressure perturbation term is small compared to the rest for 
typical atmospheric motion. This can be estimated through scale 
analysis.
The equation of motion of air within the buoyant air parcel in 
horizontal (x) direction is:
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T '

T
and the vertical equation of motion becomes: 
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CAPE
Convective available potential energy (CAPE) is often used to measure the 
atmospheric stability/instability.
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2 Moist thermodynamic variables

Mixing ratio r: mass of water vapor per unit mass of dry air,
Specific humidity q: mass of water vapor per unit mass of mixed air including 
vapor,
Vapor pressure e: partial pressure of water vapor.
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Given mixing ratio, how to obtain vapor pressure?
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First law of thermodynamics (for unit mass) 

dQ = dE+ pda

For a given mass at constant volume, it can be written: 
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Virtual temperature: The temperature the air parcel would have reached had the gas 
constant of the mixed air been the same as that for the dry air with the same density. 
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Equation of state for moist air is:



For moist adiabatic motion, equivalent potential temperature and moist static 
energy are conserved.
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Stability of the atmosphere
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Stability for finite vertical displacement

Convective available potential energy (CAPE) is often used to measure the 
atmospheric stability/instability.
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How buoyant is an updraft? 

Let’s consider an atmosphere in radiative-convective equilibrium.

Radiative cooling leads T profile to radiative temperature profile with a 
radiative cooling time scale:
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Similarly, convective heating adjusts T profile towards convective 
temperature profile:
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Solving this for T-Tcon gives:
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The different between 
radiative temperature and 
convective temperature is 
about 20 to 40 C: Trad~200K, 
Tcon~230K. The timescale 
for radiative cooling is on 
the order of 20 days
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The time scale for convective adjustment is from a few hours to less than a day. So 

t
rad

t
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» 20-100 . This gives Tcon – T ~ 2 C.  

Zhang and McFarlane (1991, MWR)
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3. What controls CAPE?
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For the convenience of derivation, we introduce two new thermodynamic variables: 
enthalpy and entropy.
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How is entropy related to some familiar variables?
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The air parcel’s specific volume is a function of pressure and moist entropy 
(or equivalent potential temperature). Thus its change wrt time at a given 
pressure level is 
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Entropy for unsaturated air is given by 
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CAPE will increase if 1) parcel initial level (boundary layer) 
entropy or equivalent potential temperature increases, 2) 
there is adiabatic or diabatic cooling above the parcel initial 
level.
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For a 100 W/m2 sensible or latent heat flux applied to a 50 mb (hPa) layer, its 

resultant CAPE change is:

or 4600 J/kg/day.

Over the tropical Pacific Ocean, the latent heat flux is on the order of 100 W/m2 and 
sensible heat flux is on the order of 10 W/m2. So CAPE generation mostly comes from 
surface latent heat flux. But over land both can reach 300 to 400 W/m2 in summer 
during the day.

For a 2 C/day clear sky radiative cooling in the entire troposphere, the CAPE generation is

J/kg/day.



For tropical atmosphere, the actual radiative cooling is < 1C/day, so CAPE 

generation due to radiative cooling is ~500 J/kg/day or less.

CAPE generation due to adiabatic ascent can be estimated as follows:

J/kg/day.

Conclusion: most of the CAPE generation comes from surface sensible and latent heat fluxes.



Relationship between tropical convergence and SST
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For long-term average, the time derivative term disappears. 
Large-scale divergence in convectively active region has a 
reasonably simple vertical structure of low level convergence 
and upper level divergence, with a nondivergent level in mid-
troposphere. 
As a first order approximation, we divide the troposphere into 
two layers (layer 1 for top layer and layer 2 for bottom layer), 
and define average quantities in each layer:
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History of Convection Parameterization Development

	

	

• Riehl and Malkus: hot towers
• Manabe: moist convective adjustment
• Betts-Miller: soft adjustment
• Kuo: cumulus mixing
• Arakawa and Schubert: mass flux and compensating subsidence



The goal of convective parameterization is 
to answer the following questions

• Is there going to be convection?

• How much convection?

• What are the properties inside 
convection?

• How much is the effect of convection (on 
temperature, moisture, momentum, 
pollution transport, etc.)?
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The task of convective parameterization is to represent the collective effects of 
convection on the right hand side in terms of the resolved fields.
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Adjustment schemes
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Betts-Miller scheme (soft adjustment)
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The reference thermodynamic profiles are empirically 
determined from observations. The reference temperature 
profile nearly follows a virtual moist adiabat up to the freezing 
level, and a slightly more stable profile above. 



the reference 
temperature profile 
is slightly unstable 
with respect to the 
virtual moist adiabat
of the near surface 
air
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The moisture profile is specified by utilizing the saturation pressure deficit, 
which is the difference of pressure between a parcel’s lifting condensation 
level and its original level. 

The specified temperature and moisture profiles serve as a first guess. 
The final reference profiles must satisfy certain energy conservation 
constraints. 
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The precipitation rate on the surface is just the column integrated 
moisture change due to this adjustment



In Betts-Miller scheme, the large-scale processes act to pull the 
temperature and moisture profiles away from the reference 
profiles and convection acts to push them back to the 
reference profiles within an adjustment timescale. 

Precipitation is a by-product of this scheme. At the same time 
it also serves as a closure. 

If precipitation calculated is positive, the scheme is activated 
and the ensuing temperature and moisture changes are added 
to the thermodynamic equations. If the calculated 
precipitation is negative, convection is not allowed.



Kuo Scheme

The scheme was based on an observational fact that convection is highly 
correlated with the low-level moisture convergence

It assumes that:

(i) convection occurs in a region where the atmosphere is conditionally 
unstable and there is low-level moisture convergence; 

(ii) convective clouds originate from the boundary layer and the cloud 
temperature and moisture profiles can be characterized by a pseudo-
moist adiabat typical of the boundary layer air; and 

(iii) clouds extend from the lifting condensation level of the boundary 
layer air to the neutral buoyancy level of this air. 
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Kuo assumed that a small fraction of the moisture supply (bMt) is used to 
moisten the atmosphere and the rest of it is precipitated out as rain
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Thus, knowing the total moisture supply Mt, which can be computed from 
the large-scale fields or GCM output, one can compute the surface 
precipitation P, thus the vertical integral of latent heating



One needs to know the vertical distribution of the heating in order to 
determine the effect of condensational heating on temperature field at each 
GCM level. Kuo (1974) assumed that it is distributed according to the 
temperature difference between the cloud air following a pseudo-moist adiabat
and the environmental air. 
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Convective effects include not only latent heating, but also eddy transport
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The amount of moisture needed to create a convective cloud of fractional 
area σ and pressure depth (pb - pt) with temperature Tc and saturation mixing 
ratio qs(Tc) is 

This required amount of moisture for cloud generation must be supplied by 
the large-scale moisture convergence in time t
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Together with

we complete the parameterization



Mass flux schemes

• The mass flux form of convective parameterization has 
been widely used since Arakawa and Schubert (1974) 
developed their scheme. 

• One important advantage of this type of scheme over 
others is the ease of incorporating convective transport 
of tracers, which requires the knowledge of vertical 
mass flux within convective drafts. 

• In addition, detrained mass of hydrometeor from 
convective cores can be incorporated into large-scale 
cloud parameterization. 

• Most of the parameterization schemes in use 
nowadays in GCMs are in mass flux form. 
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For vertical transport of dry static energy s, let y=s and x=ω:
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The large-scale temperature and moisture budget equations 
with the incorporation of the effect of convection can be 
written (in z coordinates) as: 

¶s

¶t
+Ñ× (v s )+

¶(rws )

r¶z
=Q

R
+ L(c- e)+

¶

r¶z
[M

u
(s
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d
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d
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¶q
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¶(rwq)
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